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Report assignment of the previous lecture
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Summarize your answers into a short report and submit it by the beginning of the next lecture (either 
directly, to my post-box, or by e-mail to hiro.kurokawa@elsi.jp). 

1. Thermal conduction determines the temperature profile in the boundary layer. Using the physical 
quantities given below, estimate the temperature gradient in the upper boundary layer of Earth’s 
interior (the top ~100 km). Answer with one significant digit. 

, ,  ,  

∴  

2. Let’s assume that you are a hot-spring (onsen) enthusiast and want to dig for a hot spring of your  
own. Using the result of Q1, discuss how deep you need to dig a hole in the ground. 

Assuming that I want to have 45℃ hot water and the surface temperature is 15℃,  
I need to dig a hole of 1 km depth.

Fint = 0.09 W ⋅ m−2 κ ≃ 1 × 10−6 m2 ⋅ s−1 ρ ≃ 3 × 103 kg ⋅ m−3 cp ≃ 1 × 103 J ⋅ kg−1 ⋅ K−1

( dT
dz )

cond
= −

Fint

kcond
= −

Fint

ρCpκ
≃ − 30 K ⋅ km−1
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Lecture 5: Planetary atmospheres



Atmospheres of terrestrial planets
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Mercury Venus Earth Mars

Orbital radius [au] 0.4 0.7 1 1.5

Pressure [bar] — 90 1 0.006

Composition — CO2 (>95%) N2, O2 CO2 (>95%)

Temperature [K] 440 740 288 210

Water mass [Earth=1] — 10-5 (vapor) 1 (liquid) 10-3 (ice)

Note: 105 Pa = 1 bar ≃ 1 atm



Vertical structure of Earth’s atmosphere
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(3) The mesosphere extends from the stratopause to the
mesopause at ~ 85 km altitude, where the air pressure is
about 1–0.1 Pa (0.01–0.001 mbar)
(4) The thermosphere goes from the mesopause to the
thermopause at about ~ 250–500 km depending on vary-
ing ultraviolet from the Sun. Above the thermopause, the
atmosphere becomes isothermal.
(5) The exosphere lies above the thermopause and joins
interplanetary space. Unlike the other layers that are
defined by the temperature profile, the exosphere is where
collisions between molecules are so infrequent that they
can usually be neglected. The exobase is the bottom of the
exosphere and nearly coincides with the thermopause.

The terminology developed for Earth’s lower atmos-
phere depends upon the presence of the ozone layer in the
stratosphere. Ozone absorbs ultraviolet (UV) sunlight,
which causes temperature to increase with height above
the troposphere and defines the stratosphere. Other planets,
such as Mars, do not have UV absorbers to induce a strato-
sphere, so the geocentric nomenclature for atmospheric
layers breaks down (Fig. 1.2). However, we generally find
analogs in other planetary atmospheres for a troposphere,
mesosphere, thermosphere, and exosphere. On Titan and
the giant planets, absorbers of shortwave sunlight (UV,
visible, and near-infrared) produce stratospheres.

Convection is the key process in tropospheres. On
Earth, radiation heats the surface, so air is warmed near

the ground and lifted upwards by buoyancy. Conse-
quently, air parcels convect to places of lower pressure
where they expand and cool. The net effect of lofted
parcels that cool, and sinking ones that warm, is to main-
tain an annual average temperature decrease from Earth’s
warm surface to the cold upper troposphere of about
6 K km–1 when globally averaged (see Sec. 1.1.3).

Earth’s troposphere contains ~ 80% of the mass of the
atmosphere and this mass, along with the composition of
the air, renders the troposphere fairly opaque to thermal-
infrared (IR) radiation emanating from the planet’s surface.
In general, somewhat below the tropopause, atmospheres
become semi-transparent to thermal-IR radiation. Conse-
quently, transfer of energy by radiation in the upper tropo-
sphere replaces convection as the means of upward energy
transfer at a radiative–convective boundary. Efficient
emission of thermal-IR radiation to space accounts for
the temperature minimum at the tropopauses of many
planetary atmospheres, which occurs above the radiative–
convective boundary for atmospheres with stratospheres.

For planets with thick atmospheres, the tropopause
temperature minimum occurs where the air has thinned to
roughly ~ 0.1 bar pressure (Fig. 1.2). Remarkably, this
rule applies to Earth, Titan, Jupiter, Saturn, Uranus, and
Neptune, and the mid-to-high latitudes of Venus
(Tellmann et al., 2009), despite vast differences in
atmospheric composition. This commonality occurs
because the broadband opaqueness to thermal-IR in upper
tropospheres is pressure-dependent with similar scaling –

varying approximately with the square of the pressure –

despite the differences in atmospheric composition. Since
all these atmospheres have strong and roughly similar
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Figure 1.1 The nomenclature for vertical regions of the Earth’s
atmosphere, shown schematically.

Figure 1.2 Thermal structure of the atmospheres of various
planets of the Solar System. The dashed line at 0.1 allows you to
see the feature of a common tropopause near ~0.1 bar for the
thick atmospheres, despite the differences in atmospheric com-
position. See Robinson and Catling (2014) for sources of data.
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The Structure of Planetary Atmospheres
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Catling & Kasting (2017) 
Atmospheric Evolution on Inhabited and Lifeless worlds

Layers defined with the temperature profile: 
Troposphere (convective) 
Stratosphere, mesosphere, thermosphere (not convective)  

Layers defined with the chemical composition 
Homosphere (homogeneous except for water vapor, ozone, etc.) 
Heterosphere (heterogeneous)



Rarefied upper atmosphere
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Because Earth’s atmosphere is thin compared to Earth’s radius,  
we can approximate the hydrostatic equation as, 

  — (1) (  is the gravitational acceleration at the surface). 

Assuming isothermal and the ideal gas law,   — (2), we obtain, 

  — (3), where  is the height from the surface. 

∴  — (4), where  — (5) is called the scale height. 

Finally, by integrating Eq. 4, we obtain    — (6)．  

→ Both  decrease by  every distance !

dp
dr

= −
GM
r2

ρ ∼ ρg g

p =
ρkBT

m
dp
dz

=
mg
kBT

p z

1
p

dp =
1
H

dz H ≡
kBT
mg

p(z) = p0 exp(−
z
H )

p, ρ 1/e H

r z
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Compositional profile in the heterosphere

4.2. 大気の化学構造 49

による混合であるため、最終的な平衡状態は化学組成が zに依存しないよく混合した状態で
ある。
気体分子の平均自由行程が大きいほど分子拡散は早く進むため、分子拡散のフラックスは
密度に反比例する。そのため、ある高度以上では乱流拡散より分子拡散が卓越する。地球大
気の場合、この均質圏界面の高度は 100 km程度であり、これより上空では組成成層が生じ
る (図 4-7)。また、地球大気中のH2Oのように凝結成分が存在する場合、均質圏においても
凝結成分の存在度は高度によって異なる。

図 4-7．地球大気の鉛直組成分布。左右のグラフはそれぞれ太陽活動が不活発な時と活発な時
に対応。岩波書店『比較惑星学』より転載。

4.2.2 光化学反応
一般に惑星大気は化学平衡にはない。地球の場合、生物の活動が平衡から離れた分子をつ
くり出すことが、地球大気の化学組成を決める一因となっている。しかし、生物の活動がな
くても、光化学反応によって大気は非平衡な組成となる。地球大気中のオゾン (図 4-1)は、光
化学反応による非平衡組成の一例である (図 4-8)。高度 20 kmより上空で、242 nm以下の波
長の紫外線を吸収して酸素分子が光解離し、酸素原子になる。この酸素原子が酸素分子と結
合することで、オゾンが生成される。同時に、320 nm以下の波長の紫外線を吸収することに
よる分解反応も起きている。

Figure from 
松井他編 (1996) 
『地球惑星科学入門』

Lower density → Longer mean free path 

In the heterosphere, lower mass molecules have larger scale 
heights. 

The number density of gas species  is given by, 
 

where  ,  are the scale height and the molecular mass 

Ultimately, the molecules become collisionless → exosphere

i
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Atmospheric escape
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Earth observed in vacuum-ultraviolet (100-200 nm) 

Hydrogen surrounding Earth scatters 
the solar radiation

The hydrogen originate from Earth’s atmosphere 
(ultimately water vapor from the oceans)

Rairden et al. (1986)



Escaping heavy atoms from Mars
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Mars observed in UV with the MAVEN spacecraft (credit: Univ. Corlado, NASA)

The absence of magnetic field → Atmospheric escape due to the solar wind



Energy transfer in the atmosphere
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A troposphere develops in the lower atmosphere 
Above the tropopause, energy is transferred mainly by radiation

Solar radiation (visible/UV)

Convection

Radiation

Conduction

Troposphere

Thermosphere

Conduction

熱伝導 Convection

Radiation

Conduction



Equilibrium Temperature Teq
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Orbital radius:  
Radius:  
Albedo (reflection efficiency): 

r
R

A
Luminosity:  [energy/time]L*

Let us consider the energy balance of the planet. 

Heating rate:   — (1), 

Cooling rate   — (2), where  (the Stefan–Boltzmann constant) 

From (1) = (2), we obtain   — (3) 

where . 
(Solar radiation flux at Earth’s orbit ≡ the solar constant )

·Q* = πR2 ⋅
L*

4πr2
⋅ (1 − A)

·Qp = 4πR2 ⋅ σSBT4
eq(r) σSB = 5.67 × 10−8 W m−2 K−4

Teq ≃ 255 ( 1 − A
1 − A⊕ )

1
4

( L*

L⊙ )
1
4

( r
1 au )

− 1
2

K

A⊕ = 0.3, L⊙ = 3.83 × 1026 W
S⊙ ≡ L⊙/(4πr2

⊕) = 1360 W m−2





Optical depth
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Intensity  
(Photon energy per unit time, area, frequency, and solid angle)

Iν [W m−2 Hz−1 sr−1] Absorber (e.g., atmospheric gas) 
Density: , 
Opacity (absorption cross-section per mass): 

ρa [kg m−3]
κ [m2 kg−1]

  — (1). 
Here we define the optical depth,   — (2) and obtain, 

  — (3). 

∴   — (4) → The radiation diminishes by  every unit optical depth!

dIν = − κνρads ⋅ Iν
dτν ≡ κνρads

dIν

dτν
= − Iν

Iν = Iν(s0) ⋅ exp[ − (τ − τ0)] 1/e

Iν Iν + dIν

s0

Cylinder with a unit area base

s0 + ds
τν,0 τν,0 + dτν

τν

s



A simple radiative transfer model: diffusion approximation
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Because each layer of the atmosphere emits the radiation ,  
the radiation energy flux is given by, 

  — (1) 

As ,    — (2) 

∴   — (3) 

This is called the diffusion approximation of radiation,  
which is valid for an optically-thick medium (i.e., ). 
Eq. 3 shows that energy is transported from high to low temperature layers. 
For more precise derivation, see, for example,  
Rybicki & Lightman (1985), Radiative Processes in Astrophysics

σSBT4

Frad =
4
3

d(σSBT4)
dτ

dτ = − ρκdz 4σSBT3 dT
dz

= −
3
4

Frad ⋅ ρκ

( dT
dz )

rad
= −

3ρκ
16σSBT3

Frad

τ ≫ 1

τ

σSBT4

σSBT4

σSBT4

Fnet ∝
d(σSBT4)

dτ



A radiative-equilibrium model for Earth’s atmosphere
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We can plot fluxes and temperature in terms of alti-
tude if we make the hydrostatic assumption and assume a
value for the surface optical depth. We assume that kabs is
constant and that ρa varies with altitude z according to the
hydrostatic equation as ρa(z) = ρa(0)exp(-z/Ha). Then the
scaled optical depth will vary as τ*(z) = τ0

*exp(–z/Ha).
Substituting for τ*(z), the equations for the upward
(2.108) and downward (2.109) radiative fluxes as a func-
tion of altitude are:

Similarly, the temperature profile and ground temperature
from eqs. (2.106) and (2.110) are

T zð Þ¼ F$
net,a
2σ 1þ τ∗0 e

& z=Hað Þ! "h i1=4
¼Tskin 1þ τ∗0 e

& z=Hað Þ! "1=4
,

Tground¼
F$
net,a
2σ 2þ τ∗0

! "h i1=4
¼Tskin 2þ τ∗0

! "1=4

(2.114a,b)

In eq. (2.114), we used the fact that F$
net, a=2σ

! "0:25 is equiva-

lent to σT4
eff =2σ

# $0:25
= Teff =20:25, the skin temperature,

Tskin, given earlier in eq. (2.97). In eq. (2.114a), at the top
of the atmosphere τ* = 0, so the temperature asymptotes to
Tskin. Also, the effective temperature occurs at an emission
level where T(z) = F$

net, a=σ
! "0:25 ¼ Teff , which is when

τ* = 1. Radiative fluxes and temperature as a function of
altitude are shown in Fig. 2.19, assuming a gray optical
depth τ0 =0.8, so that the scaled optical depth is τ∗0 ¼ Dτ0
~1.3. Given a net absorbed solar flux of 239 W m–2, these
values give a ~290 K ground temperature.

Further realism can be introduced by non-gray
analytic radiative models (Parmentier and Guillot, 2014;
Parmentier et al., 2015), analytic radiative–convective
models (Robinson and Catling, 2012), and finally numer-
ical radiative-convective models, which were pioneered
by Manabe and Strickler (1964). The basic difference
between radiative and radiative-convective profiles can
be seen in the conceptual diagram of Fig. 2.20(a).
Figure 2.20(b) shows results from a numerical radiative–
convective model for the Earth, which unlike Fig. 2.20(a)
incorporates a stratospheric inversion due to ozone

(a) (b) (c)

Figure 2.19 Fluxes and temperatures for the purely radiative model described in the text. (a) Downward
irradiance F – and upward irradiance F + as a function of scaled optical depth τ *. (b) The irradiance
plotted as a function of altitude z in units of scale height H. A total optical depth τ0 of 0.8 is assumed,
equivalent to a total scaled optical depth τ∗0 =Dτ0 = 1.328 for diffusivity parameter D = 1.66. The net
absorbed solar flux is taken as F$

net= 239 W m–2. (c) The corresponding temperature profile. For an
effective temperature Teff = 255 K, the skin temperature of the upper atmosphere is Tskin = 214.4 K, the
near-surface air temperature is Tair = 264.9 K, and the ground temperature is Tground = 289.6 K.

Fþ zð Þ ¼ 1
2
F$
net, a 2þ τ∗0 e

& z=Hað Þ
# $

, F& zð Þ ¼ 1
2
F$
net, aτ

∗
0 e

& z=Hað Þ (2.113)

2.4 Principles of Radiation in Planetary Atmospheres
57
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Catling & Kasting (2017)



Heating by UV absorption
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We can plot fluxes and temperature in terms of alti-
tude if we make the hydrostatic assumption and assume a
value for the surface optical depth. We assume that kabs is
constant and that ρa varies with altitude z according to the
hydrostatic equation as ρa(z) = ρa(0)exp(-z/Ha). Then the
scaled optical depth will vary as τ*(z) = τ0

*exp(–z/Ha).
Substituting for τ*(z), the equations for the upward
(2.108) and downward (2.109) radiative fluxes as a func-
tion of altitude are:

Similarly, the temperature profile and ground temperature
from eqs. (2.106) and (2.110) are

T zð Þ¼ F$
net,a
2σ 1þ τ∗0 e

& z=Hað Þ! "h i1=4
¼Tskin 1þ τ∗0 e

& z=Hað Þ! "1=4
,

Tground¼
F$
net,a
2σ 2þ τ∗0

! "h i1=4
¼Tskin 2þ τ∗0

! "1=4

(2.114a,b)

In eq. (2.114), we used the fact that F$
net, a=2σ

! "0:25 is equiva-

lent to σT4
eff =2σ

# $0:25
= Teff =20:25, the skin temperature,

Tskin, given earlier in eq. (2.97). In eq. (2.114a), at the top
of the atmosphere τ* = 0, so the temperature asymptotes to
Tskin. Also, the effective temperature occurs at an emission
level where T(z) = F$

net, a=σ
! "0:25 ¼ Teff , which is when

τ* = 1. Radiative fluxes and temperature as a function of
altitude are shown in Fig. 2.19, assuming a gray optical
depth τ0 =0.8, so that the scaled optical depth is τ∗0 ¼ Dτ0
~1.3. Given a net absorbed solar flux of 239 W m–2, these
values give a ~290 K ground temperature.

Further realism can be introduced by non-gray
analytic radiative models (Parmentier and Guillot, 2014;
Parmentier et al., 2015), analytic radiative–convective
models (Robinson and Catling, 2012), and finally numer-
ical radiative-convective models, which were pioneered
by Manabe and Strickler (1964). The basic difference
between radiative and radiative-convective profiles can
be seen in the conceptual diagram of Fig. 2.20(a).
Figure 2.20(b) shows results from a numerical radiative–
convective model for the Earth, which unlike Fig. 2.20(a)
incorporates a stratospheric inversion due to ozone

(a) (b) (c)

Figure 2.19 Fluxes and temperatures for the purely radiative model described in the text. (a) Downward
irradiance F – and upward irradiance F + as a function of scaled optical depth τ *. (b) The irradiance
plotted as a function of altitude z in units of scale height H. A total optical depth τ0 of 0.8 is assumed,
equivalent to a total scaled optical depth τ∗0 =Dτ0 = 1.328 for diffusivity parameter D = 1.66. The net
absorbed solar flux is taken as F$

net= 239 W m–2. (c) The corresponding temperature profile. For an
effective temperature Teff = 255 K, the skin temperature of the upper atmosphere is Tskin = 214.4 K, the
near-surface air temperature is Tair = 264.9 K, and the ground temperature is Tground = 289.6 K.

Fþ zð Þ ¼ 1
2
F$
net, a 2þ τ∗0 e

& z=Hað Þ
# $

, F& zð Þ ¼ 1
2
F$
net, aτ

∗
0 e

& z=Hað Þ (2.113)

2.4 Principles of Radiation in Planetary Atmospheres
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Thermospheric heating (common for all planets) 
caused by absorbing  light≲ 200 nm

Stratospheric heating 
caused by absorbing  light≲ 340 nm

The Astrophysical Journal, 792:90 (15pp), 2014 September 10 Domagal-Goldman et al.
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Figure 1. (a) UV stellar energy distributions for σ Boötis (F2V), the Sun (G2V),
ε Eridani (K2V), AD Leonis (M3.5V), and GJ 876 (M4V) for a planet receiving
the integrated energy Earth receives from the Sun (1360 W m−2), with a slight
correction applied to account for how the albedo of a planet will change around
different star types (after Segura et al. 2005). (b) Absorption cross sections for
CO2, O2, and O3, corresponding to Reactions (R1), (R2), and (R4), respectively.
The two panels are on the same scale, allowing estimates of the relative rates of
these photolysis reactions expected around the stars studied here.
(A color version of this figure is available in the online journal.)

of Earth and early Mars (Sagan & Mullen 1972). O atoms can
be liberated from CO2 via photolysis:

CO2 + hν(λ < 175 nm) → CO + O. (R1)

Atomic O thus created through Reaction (R1) or photolysis
of other O-bearing gases may recombine to form O2, and
eventually O3. The distribution of those O atoms between O2
and O3 is critical to the concentration of either species and
is controlled by four reactions that are very well known from
research on Earth’s O3 layer. This set of reactions is collectively
known as the Chapman mechanism:

O2 + hν(λ < 240 nm) → O + O, (R2)

O + O2 + M → O3 + M, (R3)

O3 + hν(λ < 340 nm) → O2 + O, (R4)

O + O3 → O2 + O2. (R5)

Here hν represents photons of the indicated wavelength (ν =
c/λ, c = speed of light), and the “M” in Reaction (R3) is a
third molecule that only participates in the reaction to carry off
excess energy but is not consumed in the reaction. Because
reactions (R1), (R2), and (R4) require photons of different
energy levels (see also Figure 1), both the abundance and
distribution of O atoms between O, O2, and O3 is subject to
the wavelength-dependent stellar flux of the planetary host star.

O3 concentrations should be particularly dependent on the
wavelength distribution of the ultraviolet (UV) photons emitted
by the host star (Figure 1). Far-UV (FUV, λ < 200 nm) photons
drive CO2 and O2 photolysis and subsequent O production (R1)

and therefore O3 production (R2). By contrast, ozone destruc-
tion (R4) is primarily driven by mid-UV (MUV, 200 nm < λ <
300 nm) photons and can additionally be driven by near-UV
(NUV, 300 nm < λ < 440 nm) and visible (∼440–800 nm)
photons (Sander et al. 2006). Because the sources and sinks
of ozone drive the amount of O3 in an atmosphere, both FUV
(O3 production) and MUV–NUV-visible radiation (O3 destruc-
tion) will have a significant impact on O3 concentrations. FUV
photons are primarily produced by processes that correlate
with stellar activity (Pace & Pasquini 2004), and MUV–NUV-
visible photons are primarily generated from a star’s blackbody
radiation.

By definition, planets that are in the habitable zones of cooler
stars absorb similar total amounts of energy as planets in the
habitable zones of Sun-like stars (Kopparapu et al. 2013), but the
wavelength distribution of that energy will be different. Cooler-
type stars such as main-sequence M stars (M dwarfs) produce
relatively less NUV radiation than the Sun but can produce
comparable amounts of, or in some cases more, FUV radiation
(Walkowicz et al. 2008; France et al. 2012, 2013). Hotter-type
stars such as main-sequence F stars have more radiation across
the UV than the Sun, but this increase is more prevalent in the
FUV. As a result, the FUV contributions to the stellar energy
distributions of both M- and F-type stars can be much higher that
that of the Sun, and planets in the habitable zones of these stars
can accumulate greater amounts of atmospheric O2 and O3. This
has been demonstrated for biologically mediated, oxygenated
atmospheres similar to modern Earth (Selsis et al. 2002; Segura
et al. 2003, 2005, 2010; Rugheimer et al. 2013). However, the
most likely atmospheric composition for rocky habitable planets
is CO2, H2, and N2 (e.g., Zahnle et al. 2010; Seager & Deming
2010). Selsis et al. (2002) were the first to study the potential
for O2 and O3 to accumulate on planets devoid of life, but their
work did not properly account for sinks of these gases (Segura
et al. 2003). Tian et al. (2014) found a similar result using
the spectrum of the M dwarf GJ 876. Neither of those studies
systematically studied the effects of atmospheric composition
on the accumulation of detectable O2 and O3 or included hotter-
type stars in the study. The lack of this parameter coverage
limited the ability of these prior studies to discriminate between
false and true positives for life.

Considering a wide range of possible planetary atmospheric
compositions is critical, because sinks for O2 and O3 are
primarily controlled by the chemical context of the atmosphere
and oceans. In anoxic atmospheres, the greatest sinks for O2
and O3 are reactions with reduced radicals in the atmosphere,
such as

CH3 + O2 → H2CO + OH. (R6)

As the concentration of reduced species such as CH4 in-
creases in the atmosphere, so do the concentrations of radicals
such as CH3, and these should react with O2 and O3, keeping
their concentrations low. It is therefore very difficult to maintain
high levels of O2, O3, and CH4 (or other reduced gases) in the
atmosphere simultaneously. Major abiotic sources of reduced
species include volcanic outgassing of H2 and submarine pro-
duction of CH4, and their sinks are primarily determined by the
redox state of the oceans. These are ultimately controlled by
the redox state of the atmosphere and by the redox state of the
oceans. Including the effects of the redox state of the oceans
becomes critical for such simulations, and we developed a new
methodology to ensure redox balance of the atmosphere–ocean
system.

2

Domagal-Goldman et al. (2014) Astrophys. J.

UV-absorption causes local heating in optically-thin (for infrared) layers 
Thermosphere: molecules such as CO2, O2 
Stratosphere: O3 (in the solar system, this is only for Earth!) 

Important for shielding DNA-damaging wavelengths ( )≲ 300 nm

Ultraviolet absorption cross sections



Atmospheric temperature profiles of the solar system bodies
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194 I.C.F. Mueller-Wodarg et al.

Fig. 1 Temperatures versus pressure for Venus, Earth, Mars, Jupiter, Saturn, Titan, Uranus, Neptune, Triton
and Pluto

the surface with a temperature of ∼190 K and it slopes downward towards the poles to an
altitude of only ∼8 km but with a higher temperature ∼210–230 K, depending on season.
By comparison the surface temperature varies from 300 K at the equator to 250 K at the
poles.

Photochemistry of molecular oxygen leads to the formation of ozone, whose photochem-
istry driven by absorption of solar ultraviolet radiation results in atmospheric heating and the
formation of the stratosphere, which has a positive temperature gradient of ∼2 K km−1. The
upper boundary of the stratosphere (called the stratopause) is at 50 km and the 1 mbar level,
where the temperature reaches a relative maximum of ∼290 K at the summer pole and
∼250 K at the winter pole with a global average of ∼270 K. Above the stratosphere is the
region known as the mesosphere, which is characterized by a negative temperature gradient
of ∼ − 3 K km−1, as a consequence of the ozone heating rate decreasing more rapidly with
altitude than the CO2 infrared cooling rate and consistent with the observed ratio of ozone
density to CO2 density declining with height. Collectively, the stratosphere and mesosphere
are known as the middle atmosphere.

The upper boundary of the mesosphere is known as the mesopause and is typically at
85–90 km and approximately the 1 µbar level. The globally averaged mesopause temperature
is ∼185 K, but over the summer pole it drops to ∼130 K and can be a high as 220 K
over the winter pole due to a large scale meridional circulation, which transports heat to
the winter pole with adiabatic cooling over the summer pole and adiabatic heating over
the winter pole. Calculations have shown that the thermal structure and dynamics of the
mesosphere cannot be reproduced when assuming a radiative equilibrium case (Geller 1983)
and a wave drag term is needed. Physically, this represents the momentum deposited by
dissipating or breaking gravity waves, tides and planetary waves in the atmosphere, and
for simplicity it is often approximated by a linear Rayleigh friction term (Schoeberl and
Strobel 1978). More comprehensive models use gravity wave parameterization schemes to

Mueller-Wodarg et al. (2008)Note: 105 Pa = 1 bar ≃ 1 atm



How do atmospheric gases absorb light?
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Absorption and emission of photons = Interactions of molecules/atoms with electromagnetic wave 
Greenhouse gases：H2O (structural electric dipole moment), CO2 (stretch- and bending-induced) 
Non-green house gases：N2 (no dipole moment), O2 (has a magnetic dipole but in radio wavelengths) 

The energy absorbed = Transition energy between different energy levels (absorption line)

++
-

-- +

Transition Wavelength

Electron < 1 µm

Vibration 1-20 µm

Rotation > 20 µm



Absorption band
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15-µm absorption band of CO2 (from HITRAN database)

In infrared wavelengths,  
vibrational transition (wide spacing) combined with  
rotational transition (narrow) form absorption bands 
(vib-rotational transition)



Atmospheric window
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2.4.3.2 General Equation of Radiative Transfer
We now derive the general equation of radiative transfer,
which describes how radiation passes though a medium in
any coordinate system. If a beam of monochromatic radi-
ance Iν [W m–2 Hz–1 sr–1] passes through an elemental
path ds, the change of intensity of the beam will be as
follows:

intensity change ¼ emission " extinction
dIν ¼ dIνðemittedÞ " dIνðextinguishedÞ

(2.68)

Using our previous expression (2.52) for the mass extinc-
tion coefficient (kν [m

2 kg–1]), we can express the extinc-
tion component using the Extinction Law, so that

dIν sð Þ ¼ dIν emittedð Þ " kνρaIν sð Þds (2.69)

where ρais the density of the absorbing and/or scattering
gas. The increase in intensity due to emission and mul-
tiple scattering is defined as:

dIν emittedð Þ ¼ jνρads ¼ kνJν sð Þρads (2.70)

where we define a source function Jν[W m–2 Hz–1 sr–1]
such that

Jν ¼ jν=kν (2.71)

where jν is the source function coefficient (also called the
emission coefficient) due to scattering and thermal excita-
tion. It follows that (2.69) can be rearranged as follows:

dIν sð Þ ¼ kνρadsð ÞJν " kνρadsð ÞIν )
dIν

kνρads
¼ Jν " Iν

(2.72)

This is the general radiative transfer equation without
any particular coordinate system imposed and without
any assumptions about the form of the source function.

2.4.3.3 Schwarzchild’s Equation: For Blackbody
Emission With No Scattering

Schwarzchild’s equation is when we assume (a) that the
gas is in local thermodynamic equilibrium (LTE) and (b)
we consider a non-scattering medium. It is named after
astrophysicist Karl Schwarzchild who first considered
such a solution to the radiative transfer equation for the
Sun’s atmosphere in 1914. LTE means that the source
function defined by (2.71) is given by the Planck func-
tion, i.e.,

Jν ¼ Bν Tð Þ (2.73)

Hence, the equation of radiative transfer can be rewritten
as

dIν
kνρads

¼ Bν Tð Þ " Iν Schwarzchild’s equation (2.74)

Because we are neglecting scattering, kν is now the mass
absorption coefficient rather than the mass extinction
coefficient.

We shall consider two solutions to eq. (2.74)
(Schwarzchild’s equation): (1) a general form for the
solution; (2) the case of a plane parallel atmosphere.

2.4.3.4 A General Solution to Schwarzchild’s
Equation

We obtain a general solution to Schwarzchild’s equation
by considering a path for radiation without a specific
coordinate system and integrating the equation. We define
a monochromatic optical path between points s and s1
(Fig. 2.14), as

τυ ¼
ðs1

s
kυ s0ð Þρa s0ð Þds0 (2.75)

Figure 2.13 (a) The spectral emission function for noon over a
vegetated region of the Niger Valley in N. Africa. Dashed lines show
blackbody curves for particular temperatures. (Adapted from Hanel
et al. (1972).) (b) A schematic showing how to interpret the mean-
ing of parts of the curve in (a). The arrows indicate from where
blackbody fluxes originate, according to the Stefan–Boltzmann
Law. (Part (b) follows a concept from Jacob (1999), p. 132.)
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Energy and Radiation in Planetary Atmospheres
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Earth’s emission spectrum

Catling & Kasting (2017) 
Atmospheric Evolution on Inhabited and Lifeless worlds

Solid: Earth’s spectrum 
Dashed: Planck functions

Infrared absorption/emission is wavelength dependent 

Less emission in wavelengths where absorption bands exist  
Emission from the surface is absorbed in the atmosphere 
Emission from  layer reaches the space  

Atmospheric window: optically-thin wavelengths 
If multiple greenhouse gases have absorption bands in 
window wavelengths of each other, their effects are 
maximized  
Note that the atmospheric windows are important for 
ground-based observations

τν = 1

20 µm H2O band ↓
15 µm CO2 band 

 ↓



Kirchhoff's law of thermal radiation
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For a material body in thermodynamic equilibrium,
absorptivity = emissivity194 I.C.F. Mueller-Wodarg et al.

Fig. 1 Temperatures versus pressure for Venus, Earth, Mars, Jupiter, Saturn, Titan, Uranus, Neptune, Triton
and Pluto

the surface with a temperature of ∼190 K and it slopes downward towards the poles to an
altitude of only ∼8 km but with a higher temperature ∼210–230 K, depending on season.
By comparison the surface temperature varies from 300 K at the equator to 250 K at the
poles.

Photochemistry of molecular oxygen leads to the formation of ozone, whose photochem-
istry driven by absorption of solar ultraviolet radiation results in atmospheric heating and the
formation of the stratosphere, which has a positive temperature gradient of ∼2 K km−1. The
upper boundary of the stratosphere (called the stratopause) is at 50 km and the 1 mbar level,
where the temperature reaches a relative maximum of ∼290 K at the summer pole and
∼250 K at the winter pole with a global average of ∼270 K. Above the stratosphere is the
region known as the mesosphere, which is characterized by a negative temperature gradient
of ∼ − 3 K km−1, as a consequence of the ozone heating rate decreasing more rapidly with
altitude than the CO2 infrared cooling rate and consistent with the observed ratio of ozone
density to CO2 density declining with height. Collectively, the stratosphere and mesosphere
are known as the middle atmosphere.

The upper boundary of the mesosphere is known as the mesopause and is typically at
85–90 km and approximately the 1 µbar level. The globally averaged mesopause temperature
is ∼185 K, but over the summer pole it drops to ∼130 K and can be a high as 220 K
over the winter pole due to a large scale meridional circulation, which transports heat to
the winter pole with adiabatic cooling over the summer pole and adiabatic heating over
the winter pole. Calculations have shown that the thermal structure and dynamics of the
mesosphere cannot be reproduced when assuming a radiative equilibrium case (Geller 1983)
and a wave drag term is needed. Physically, this represents the momentum deposited by
dissipating or breaking gravity waves, tides and planetary waves in the atmosphere, and
for simplicity it is often approximated by a linear Rayleigh friction term (Schoeberl and
Strobel 1978). More comprehensive models use gravity wave parameterization schemes to

Low temperature thermospheres
of Venus and Mars due to
CO2 cooling 

Note: 105 Pa = 1 bar ≃ 1 atm



Tropopause visualized by a cumulonimbus cloud

24 Image from Wikipedia - Big Cumulonimbus.JPG, CC BY-SA 3.0 



The derivation (for physics students)
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Let us derive the adiabatic lapse rate, defined by, 

  — (1). 

Here we consider a unit-mass air parcel moving upward/downward adiabatically (no energy exchange). 
From the first law of thermodynamics, 

  — (2). 
From the ideal gas law,   — (3), we obtain, 

  — (4). 
Substituting Eq. 4 into Eq. 2 gives, 

  — (5). 
Next we substitute the hydrostatic equation,   — (6), into Eq. 5 and obtain, 

  — (7). 

∴   — (8).

Γa ≡ − (dT
dz )

a

0 = dq = cvdT + pd(1/ρ)
p = ρR̄T

d(1/ρ) = (R̄/p)dT − (R̄T/p2)dp

0 = (cv + R̄)dT − (R̄T/ρ)dp
dp/dz = − ρg

0 = cpdT + gdz

Γa ≡ − (dT
dz )

a
=

g
cp



Adiabatic temperature lapse rate
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When the radiative-equilibrium temperature profile is unstable 
against convection, the atmosphere start to convect 

Because the efficiency of energy transport by convection is 
efficient, the temperature profile in the convective layer is 
given by the adiabatic temperature lapse rate. 
Given , , 

  — (1) 

In other words, the criterion for convection is given by, 

— (2) 

Eq. 2 is an approximated form of the Rayleigh criterion.

Cp = 1.0 × 103 J K−1 kg−1 g = 9.8 m s−2

Γa ≡ − (dT
dz )

adiabatic
=

g
Cp

≃ 10 K/km

−(dT
dz ) > − (dT

dz )
adiabatic

Unstable profile

Temperature

H
ei
gh

t

The air parcel is hotter than 
surrounding 
→ lower density 
→ Positive buoyancy

Adiabatic profile



Moist convection
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While the adiabatic lapse rate is estimated as 

  — (1), 

the actual lapse rate in Earth’s troposphere is  
 — (2) 

The difference is caused by moist convection,  
(the lapse rate is called moist adiabat) 
where condensed water releases the latent heat and 
warm up the updraft gas

Γa ≡ − (dT
dz )

adiabatic
=

g
Cp

≃ 10 K/km

≃ 6 K/km

es Tð Þ¼ es T0ð Þexp
ðT

T0

lc
Rc

dT
T2

" #
$ es T0ð Þexp lc

Rc

1
T0

% 1
T

" #$ %

(1.49)

The second expression in eq. (1.49) is approximate
because lc changes slightly with temperature.

What are some properties of the Clausius–Clapeyron
equation? Applied to water vapor over liquid water, we take
T0 = 273.15 K and es(T0) = 611 Pa; Rc = 461 J K–1 kg–1 is
the gas constant and lc = 2.5 & 106 J kg–1 is the specific
enthalpy of vaporization for water. We find that SVP
roughly doubles for every 10 K temperature rise. The
exponential form of eq. (1.49) indicates that SVP is very
sensitive to temperature. Noting that Rc = k/mc, and given
that exponents are additive, we deduce from eq. (1.49) that
es / exp %mclc=kTð Þ. This is a Boltzmann equation,
which gives us the insight that the numerator in the expo-
nent is the energy required to free a water molecule from its
neighbors while the denominator is the average molecular
energy.

For some bodies, the Clausius–Clapeyron equation
gives direct insight into the entire atmosphere. On
Mars, CO2 condenses on the cold poles at a temperature
~ 148 K, which corresponds to a CO2 SVP of ~ 600 Pa.
This pressure is the typical surface air pressure on Mars.
Consequently, Mars’ CO2 ice caps may be buffered at a
temperature near 148 K (Leighton and Murray, 1966). On
Pluto and Triton, the atmospheric pressure is just the SVP
of N2 over N2 ice at temperatures of 38 K and ~ 40 K,
respectively (Brown and Ziegler, 1979; Lellouch et al.,
2011b; Zalucha et al., 2011). Perhaps on some hot
exoplanets, rock-vapor atmospheres are similarly in
equilibrium with molten surfaces.

To consider the effect of condensable species on
atmospheric temperatures, we define the volume mixing
ratio, fc, of the condensable species according to eq. (1.4),

f c ¼
nc
n
¼ ec

p

where the ns are number densities, ec is the partial pressure
of the condensable species, and p is the total pressure.
Similarly, we define a mass mixing ratio by eq. (1.5) as:

For water vapor in Earth’s atmosphere, ε = 0.622. We can
also define saturation mixing ratios as

f cs ¼
es Tð Þ
p

, μcms ¼ ε
es Tð Þ
p

(1.51)

Now consider a parcel that rises adiabatically from the
surface, which is at pressure pref and temperature Tref. In
the adiabatic parcel, potential temperature θ starts out as
Tref and remains constant at Tref, while the actual tempera-
ture will fall via eq. (1.30) as T ¼ T ref p=prefð Þκ, or
equivalently, p ¼ pref T=T refð Þ1=κ. Substituting for p in
eq. (1.50), where eparcel is the partial pressure of the
condensable, gives

eparcel Tð Þ ¼ pμcm
ε
) eparcel Tð Þ ¼ μcmpref

ε
T
T ref

" #1=κ

(1.52)

The parcel behaves as dry air until it reaches the SVP
temperature, when eparcel = es, at an altitude called the
lifting condensation level. After this point, cloud particles
form from the condensable and the parcel is warmed.
Instead of the temperature dropping at the dry adiabatic
lapse rate, the temperature drops less sharply with altitude
at a saturated adiabatic lapse rate on the SVP curve
(Fig. 1.10).

SVP also gives us general insight into the formation
of clouds (Fig. 1.11). On average, clouds will tend to form
where the mean temperature–pressure conditions reach
the SVP for particular consensable species (Sanchez-
Lavega et al., 2004).

Figure 1.10 A rising air parcel and the lifting condensation level,
which forms the base of cloud at 1 km altitude. The cloud is shown
schematically as the shaded region.

μcm ¼ εf c ¼ ε
ec
p
, where ε ¼ mc

m
¼ molecular mass of condensable

mean molecular mass of air
$ mc

md
(1.50)
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Clouds

28Figure 1.11 Use of vapor pressure and saturation vapor pressure (SVP) to predict cloud formation in
Solar System atmospheres and hot Jupiter HD209458b. The solid line is the typical vertical profile of
pressure (p) versus temperature (T ). For Mars, an annual average p–T profile is shown as well as a
colder profile. Dashed lines are the SVP curves for various condensables, assuming a fixed volume
mixing ratio of the condensable. It is assumed that particles condense when the partial pressure (e)
reaches the saturation vapor pressure (es), i.e., where e = f cp Tð Þ # es Tð Þ, where fc is the volumemixing
ratio of the condensable. Thus, the base of clouds are marked where a dashed line crosses the solid p–T
profile. Below this level, the phase is vapor because the ambient air is too hot. Mixing ratios are assumed
to calculate the dashed curves: Venus 2 ppm and 2000 ppm H2SO4 (where liquid clouds form); Earth
250 ppm and 1.5% H2O, giving ice and liquid clouds, respectively; Mars 0.95% CO2 and 300 ppm
H2O giving ice clouds; Jupiter 200 ppm NH3, 36 ppm NH4SH, 50 ppm H2O, 0.17% H2O giving solid
phase clouds except for the higher water level; Saturn 200 ppm NH3, 36 ppm NH4SH, 0.17% H2O,
giving solid particles; Titan 5% CH4, 10 ppm C2H6, giving solid particles; Uranus and Neptune 2% CH4,
37 ppm SH2, 200 ppm NH3, 36 ppm NH4SH, 0.17% H2O, giving solid particles; HD209458b 75 ppm
MgSiO3 and 68 ppm Fe, giving solid particles. (From Sanchez-Lavega et al. (2004) Reproduced with
permission. Copyright 2004, American Association of Physics Teachers.)

1.1 Vertical Structure of Atmospheres
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Solid: atmospheric profiles 
Dashed: Saturated vapor pressure curves 
(Figure from Catling & Kasting, 2017)

In general, tropospheric lapse rate is steeper 
than saturated vapor pressure curves 
→ Cloud formation in a updraft 

Condensable gases dependent on the 
temperature and composition 
e.g., 
Venus: H2SO4 
Earth: H2O 
Mars: H2O, CO2

Note: 105 Pa = 1 bar ≃ 1 atm
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Equilibrium chemistry
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Here we consider a hypothetical reaction bB + cC ⇄ gG + hH  ̶ (1),  
Whose equilibrium state is given by the equilibrium constant , given as, 

  ̶ (2) 

where  is the activity (effective concentration considering non-ideal effects)． 
For ideal gases,  is given by the partial pressure . 

The equilibrium constant  is related with Gibbs free change . 

  ̶ (3). † 

Once  is given (for typical reactions one can find tables), the equilibrium abundances can be computed. 

†One can obtain this relation by substituting the definition of Gibbs free energy into Eq. 2

Keq

Keq =
ag

G ⋅ ah
H

ab
B ⋅ ac

C

a

a p

Keq ΔG

Keq = exp(−
ΔG
RT )

ΔG



Is Earth’s atmosphere in chemical equilibrium?
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Earth’ atmosphere contains 0.21 bar O2 (oxidizing) と 1.8 ppmv CH4 (reducing)… 

Here we consider their reaction, CH4 + 2O2 ⇄ CO2 + 2H2O  ̶ (4) 
Under the ambient temperature (25℃),   ̶ (5) 
Substituting (5) into (2) and (3), we obtain, 

 ! ̶ (6) 

∴ Earth’s atmosphere is in a non-equilibrium state.

ΔG = − 817 kJ mol−1

pCH4
=

pCO2
⋅ aH2O

pO2
⋅ Keq

=
380 × 10−6 × 1

(0.212 × 10143.29)
= 10−145 bar



Non-equilibrium chemistry driven by photodissociation
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Radicals produced by photodissociation drive non-equilibrium chemistry 
Species with unpaired electrons in the outermost shell: such as OH, Cl, O 

Production of OH 
Earth: O3 +  → O2 + O( )  ̶ (1), H2O + O( ) → OH + OH  ̶ (2) 
Mars: H2O +  → OH + O  ̶ (3) 

Free energy of radicals obtained from photons propagates through reactions 
e.g., CH4 + OH → CH3 + H2O ̶ (4) 

Eventually thermalized either by disproportionation reaction or recombination by three-
body reaction. 

e.g., OH + HO2 → H2O +O2  ̶ (5)，NO2 + OH + M → HNO3 + M  ̶ (6)

hν (λ < 310 nm) 1D 1D
hν (λ < 240 nm)



Photochemical production of ozone

33

O O
Ultraviolet light

O

O

O O

O O
O

O

Photodissociation

O O



OH ̶ “Detergent of the atmosphere”
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Trace gases are oxidized and removed from Earth’s atmosphere by OH 
CO → CO2 (~3 months) 
CxHy → CO2 (e.g., CH4 ~10 years) 
NxOy → nitric acid 
SO2, H2S, COS, dimethyl sulfide (CH3SCH3) → sulfuric acid aerosols 

On a planet without water, oxidation by OH (+ dissolution in rainfall) would not work, 
resulting in a completely different atmospheric composition! 
e.g,) SO2 gas in exoplanet atmospheres → absence of liquid water? (Luftus et al. 2019, Astrophys. J.)



Summary
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The solar system planets show a diversity in their atmospheres 
Pressure and density drop exponentially with height 

Atmospheric gas can escape to space from the exosphere 
The greenhouse effect is important to determine the surface temperature 

Due to radiative transfer properties, the lower atmosphere is hotter 
UV-absorption causes additional heating in the thermosphere and stratosphere 
The troposphere is convective 

The temperature lapse rate is determined by (moist) adiabat  
Cloud formation depending on the temperature and composition 

Atmospheres are in chemical dis-equilibrium 
Biological processes 
Photochemistry ̶ ozone production, OH reactions



Report assignment
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Summarize your answers into a short report and submit it by the beginning of the 
next lecture (either directly, to my post-box, or by e-mail to hiro.kurokawa@elsi.jp). 

1. Given the mean surface temperature, , and the mean molecular mass, 
, stimate the scale height of Earth’s atmosphere. 

Answer with two significant digits.  

. 

2. Estimate the pressure at the top of Mt. Everest (8,849 m). You can use the 
pressure at the sea level = 1.013×105 Pa, and the scale height from Q1. Answer 
with two significant digits.

T = 288 K
m̄ = 29.0 × 10−3/6.02 × 1023 kg

H =
kBT
m̄g

≃ km


