
1

地球と生命  
第3回：惑星の大気

講義資料はこちらに掲載しています



自己紹介

2

黒川 宏之 (くろかわ ひろゆき) 

東京工業大学 地球生命研究所 特任助教 

専門は“惑星の形成と進化”の理論研究 

連絡先：hiro.kurokawa@elsi.jp 



惑星大気の働き
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表層環境への影響 
温室効果 ̶ 大気がなければ地球平均気温は-20℃！ 
海水の保持 ̶ 大気がなければ紫外線によって水は解離し，宇宙へ流出 
紫外線を防ぐ ̶ 大気(オゾン層)がDNAを損傷する波長 (<300 nm) の光を吸収 

惑星の顔として 
惑星の形成過程・惑星内部の情報を(原理的には)保持している 
惑星の見た目を決めるので，面白い



地球型惑星の表層環境
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水星 金星 地球 火星

軌道半径 [au] 0.4 0.7 1 1.5

地表面気圧 [気圧] — 90 1 0.006

大気主成分 — CO2 (>95%) N2, O2 CO2 (>95%)

地表平均気温 [K] 440 740 288 210

表層水量 [地球=1] — 10-5 (水蒸気) 1 (液体の水) 10-3 (氷)
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3.1 大気構造



地球大気の構造
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46 第 4章 惑星大気

図 4-3．地球大気の温度構造。岩波書店『比較惑星学』より転載。
図 4-3に地球大気の温度構造を示す。対流圏は高度とともに温度が下がり、熱圏は高度と
ともに温度が上がる。成層圏と中間圏はまとめて中層大気と呼ばれる。この区分は多くの惑
星大気に共通する。地球大気の場合、オゾン層が存在するという特有の事情により、中層大
気に温度のピークがあり、中層大気が成層圏と中間圏に区分される。大気の各層が異なる温
度分布を持つ要因は、それぞれ重要となる熱輸送過程が異なるためである。

下層大気 (対流圏)：太陽放射を吸収した地面の赤外放射や熱伝導によって、地面付近の大
気は加熱される。加熱されて低密度になった空気が上昇することにより、大気の下層に対流層
が発達する。対流層では赤外放射と対流熱輸送によってエネルギーが上向きに運ばれる。対
流が発達した時、平均的な温度勾配は断熱温度勾配になる。
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となる。ここで、µは大気の平均分子量、cpは低圧モル比熱である。地球大気におけるH2O
のように、大気中で凝結する成分が含まれている場合、凝結の潜熱の効果のために (∂T/∂p)s

(3) The mesosphere extends from the stratopause to the
mesopause at ~ 85 km altitude, where the air pressure is
about 1–0.1 Pa (0.01–0.001 mbar)
(4) The thermosphere goes from the mesopause to the
thermopause at about ~ 250–500 km depending on vary-
ing ultraviolet from the Sun. Above the thermopause, the
atmosphere becomes isothermal.
(5) The exosphere lies above the thermopause and joins
interplanetary space. Unlike the other layers that are
defined by the temperature profile, the exosphere is where
collisions between molecules are so infrequent that they
can usually be neglected. The exobase is the bottom of the
exosphere and nearly coincides with the thermopause.

The terminology developed for Earth’s lower atmos-
phere depends upon the presence of the ozone layer in the
stratosphere. Ozone absorbs ultraviolet (UV) sunlight,
which causes temperature to increase with height above
the troposphere and defines the stratosphere. Other planets,
such as Mars, do not have UV absorbers to induce a strato-
sphere, so the geocentric nomenclature for atmospheric
layers breaks down (Fig. 1.2). However, we generally find
analogs in other planetary atmospheres for a troposphere,
mesosphere, thermosphere, and exosphere. On Titan and
the giant planets, absorbers of shortwave sunlight (UV,
visible, and near-infrared) produce stratospheres.

Convection is the key process in tropospheres. On
Earth, radiation heats the surface, so air is warmed near

the ground and lifted upwards by buoyancy. Conse-
quently, air parcels convect to places of lower pressure
where they expand and cool. The net effect of lofted
parcels that cool, and sinking ones that warm, is to main-
tain an annual average temperature decrease from Earth’s
warm surface to the cold upper troposphere of about
6 K km–1 when globally averaged (see Sec. 1.1.3).

Earth’s troposphere contains ~ 80% of the mass of the
atmosphere and this mass, along with the composition of
the air, renders the troposphere fairly opaque to thermal-
infrared (IR) radiation emanating from the planet’s surface.
In general, somewhat below the tropopause, atmospheres
become semi-transparent to thermal-IR radiation. Conse-
quently, transfer of energy by radiation in the upper tropo-
sphere replaces convection as the means of upward energy
transfer at a radiative–convective boundary. Efficient
emission of thermal-IR radiation to space accounts for
the temperature minimum at the tropopauses of many
planetary atmospheres, which occurs above the radiative–
convective boundary for atmospheres with stratospheres.

For planets with thick atmospheres, the tropopause
temperature minimum occurs where the air has thinned to
roughly ~ 0.1 bar pressure (Fig. 1.2). Remarkably, this
rule applies to Earth, Titan, Jupiter, Saturn, Uranus, and
Neptune, and the mid-to-high latitudes of Venus
(Tellmann et al., 2009), despite vast differences in
atmospheric composition. This commonality occurs
because the broadband opaqueness to thermal-IR in upper
tropospheres is pressure-dependent with similar scaling –

varying approximately with the square of the pressure –

despite the differences in atmospheric composition. Since
all these atmospheres have strong and roughly similar
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Figure 1.1 The nomenclature for vertical regions of the Earth’s
atmosphere, shown schematically.

Figure 1.2 Thermal structure of the atmospheres of various
planets of the Solar System. The dashed line at 0.1 allows you to
see the feature of a common tropopause near ~0.1 bar for the
thick atmospheres, despite the differences in atmospheric com-
position. See Robinson and Catling (2014) for sources of data.
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The Structure of Planetary Atmospheres
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Atmospheric Evolution on 
Inhabited and Lifeless worlds
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大気の圧力・密度構造
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地球を含む太陽系内岩石惑星の大気は惑星サイズと比較して薄いため， 

  ̶ (1) (  は重力加速度)． 

等温・理想気体を仮定して    ̶ (2) から  を消去して解くと， 

  ̶ (3) ここで  は地面からの高さ． 

 ̶ (4) ここで  ̶ (5) は 大気の スケールハイト 

最後に (4)を積分して、   ̶ (6)． 

→  ともに 上空へ  進むごとに  倍ずつ減少していく． 

地球平均気温 ，平均分子量  を(5)に代入すると， 
となり，大気が実際に薄いことが確かめられる．
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圧力と大気質量・柱密度
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  ̶ (1) 

(1)を地表から無限遠まで積分する． 

  ̶ (2) 

∴   ̶ (3) 

大気の柱質量密度  についての式   ̶ (4) を(3)に代入して， 

  ̶ (5) 

→ 大気質量  と地表の気圧  は比例関係にある．(→ レポート課題)
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大気の温度構造
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熱伝導 対流

輻射輸送

光学的に厚い(赤外線を通さない)大気下部に対流圏が形成 
対流圏界面より上空では輻射熱輸送 
紫外線を吸収し高温の熱圏から中間圏へと熱伝導

太陽光

対流

輻射輸送

熱伝導

対流圏

熱圏

熱伝導

3つの熱輸送メカニズム
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(3) The mesosphere extends from the stratopause to the
mesopause at ~ 85 km altitude, where the air pressure is
about 1–0.1 Pa (0.01–0.001 mbar)
(4) The thermosphere goes from the mesopause to the
thermopause at about ~ 250–500 km depending on vary-
ing ultraviolet from the Sun. Above the thermopause, the
atmosphere becomes isothermal.
(5) The exosphere lies above the thermopause and joins
interplanetary space. Unlike the other layers that are
defined by the temperature profile, the exosphere is where
collisions between molecules are so infrequent that they
can usually be neglected. The exobase is the bottom of the
exosphere and nearly coincides with the thermopause.

The terminology developed for Earth’s lower atmos-
phere depends upon the presence of the ozone layer in the
stratosphere. Ozone absorbs ultraviolet (UV) sunlight,
which causes temperature to increase with height above
the troposphere and defines the stratosphere. Other planets,
such as Mars, do not have UV absorbers to induce a strato-
sphere, so the geocentric nomenclature for atmospheric
layers breaks down (Fig. 1.2). However, we generally find
analogs in other planetary atmospheres for a troposphere,
mesosphere, thermosphere, and exosphere. On Titan and
the giant planets, absorbers of shortwave sunlight (UV,
visible, and near-infrared) produce stratospheres.

Convection is the key process in tropospheres. On
Earth, radiation heats the surface, so air is warmed near

the ground and lifted upwards by buoyancy. Conse-
quently, air parcels convect to places of lower pressure
where they expand and cool. The net effect of lofted
parcels that cool, and sinking ones that warm, is to main-
tain an annual average temperature decrease from Earth’s
warm surface to the cold upper troposphere of about
6 K km–1 when globally averaged (see Sec. 1.1.3).

Earth’s troposphere contains ~ 80% of the mass of the
atmosphere and this mass, along with the composition of
the air, renders the troposphere fairly opaque to thermal-
infrared (IR) radiation emanating from the planet’s surface.
In general, somewhat below the tropopause, atmospheres
become semi-transparent to thermal-IR radiation. Conse-
quently, transfer of energy by radiation in the upper tropo-
sphere replaces convection as the means of upward energy
transfer at a radiative–convective boundary. Efficient
emission of thermal-IR radiation to space accounts for
the temperature minimum at the tropopauses of many
planetary atmospheres, which occurs above the radiative–
convective boundary for atmospheres with stratospheres.

For planets with thick atmospheres, the tropopause
temperature minimum occurs where the air has thinned to
roughly ~ 0.1 bar pressure (Fig. 1.2). Remarkably, this
rule applies to Earth, Titan, Jupiter, Saturn, Uranus, and
Neptune, and the mid-to-high latitudes of Venus
(Tellmann et al., 2009), despite vast differences in
atmospheric composition. This commonality occurs
because the broadband opaqueness to thermal-IR in upper
tropospheres is pressure-dependent with similar scaling –

varying approximately with the square of the pressure –

despite the differences in atmospheric composition. Since
all these atmospheres have strong and roughly similar
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Figure 1.1 The nomenclature for vertical regions of the Earth’s
atmosphere, shown schematically.

Figure 1.2 Thermal structure of the atmospheres of various
planets of the Solar System. The dashed line at 0.1 allows you to
see the feature of a common tropopause near ~0.1 bar for the
thick atmospheres, despite the differences in atmospheric com-
position. See Robinson and Catling (2014) for sources of data.
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The Structure of Planetary Atmospheres
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温室効果と大気の窓
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2.4.3.2 General Equation of Radiative Transfer
We now derive the general equation of radiative transfer,
which describes how radiation passes though a medium in
any coordinate system. If a beam of monochromatic radi-
ance Iν [W m–2 Hz–1 sr–1] passes through an elemental
path ds, the change of intensity of the beam will be as
follows:

intensity change ¼ emission " extinction
dIν ¼ dIνðemittedÞ " dIνðextinguishedÞ

(2.68)

Using our previous expression (2.52) for the mass extinc-
tion coefficient (kν [m

2 kg–1]), we can express the extinc-
tion component using the Extinction Law, so that

dIν sð Þ ¼ dIν emittedð Þ " kνρaIν sð Þds (2.69)

where ρais the density of the absorbing and/or scattering
gas. The increase in intensity due to emission and mul-
tiple scattering is defined as:

dIν emittedð Þ ¼ jνρads ¼ kνJν sð Þρads (2.70)

where we define a source function Jν[W m–2 Hz–1 sr–1]
such that

Jν ¼ jν=kν (2.71)

where jν is the source function coefficient (also called the
emission coefficient) due to scattering and thermal excita-
tion. It follows that (2.69) can be rearranged as follows:

dIν sð Þ ¼ kνρadsð ÞJν " kνρadsð ÞIν )
dIν

kνρads
¼ Jν " Iν

(2.72)

This is the general radiative transfer equation without
any particular coordinate system imposed and without
any assumptions about the form of the source function.

2.4.3.3 Schwarzchild’s Equation: For Blackbody
Emission With No Scattering

Schwarzchild’s equation is when we assume (a) that the
gas is in local thermodynamic equilibrium (LTE) and (b)
we consider a non-scattering medium. It is named after
astrophysicist Karl Schwarzchild who first considered
such a solution to the radiative transfer equation for the
Sun’s atmosphere in 1914. LTE means that the source
function defined by (2.71) is given by the Planck func-
tion, i.e.,

Jν ¼ Bν Tð Þ (2.73)

Hence, the equation of radiative transfer can be rewritten
as

dIν
kνρads

¼ Bν Tð Þ " Iν Schwarzchild’s equation (2.74)

Because we are neglecting scattering, kν is now the mass
absorption coefficient rather than the mass extinction
coefficient.

We shall consider two solutions to eq. (2.74)
(Schwarzchild’s equation): (1) a general form for the
solution; (2) the case of a plane parallel atmosphere.

2.4.3.4 A General Solution to Schwarzchild’s
Equation

We obtain a general solution to Schwarzchild’s equation
by considering a path for radiation without a specific
coordinate system and integrating the equation. We define
a monochromatic optical path between points s and s1
(Fig. 2.14), as

τυ ¼
ðs1

s
kυ s0ð Þρa s0ð Þds0 (2.75)

Figure 2.13 (a) The spectral emission function for noon over a
vegetated region of the Niger Valley in N. Africa. Dashed lines show
blackbody curves for particular temperatures. (Adapted from Hanel
et al. (1972).) (b) A schematic showing how to interpret the mean-
ing of parts of the curve in (a). The arrows indicate from where
blackbody fluxes originate, according to the Stefan–Boltzmann
Law. (Part (b) follows a concept from Jacob (1999), p. 132.)

48
Energy and Radiation in Planetary Atmospheres
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地球の放射スペクトル

Catling & Kasting (2017) 
Atmospheric Evolution on Inhabited and Lifeless worlds

実線：地球スペクトル 
破線：プランク関数

大気の吸収特性は波長依存 

分子の吸収帯がある波長域では放射量が小さい 
地表からの光が大気によって吸収される 

光学的に薄い波長域(  など)：大気の窓 
複数の温室効果ガスが共存する時， 
互いの窓を塞ぐ関係にあると効果が大きい 
また，地上望遠鏡による天文観測において重要

8 − 12.5 μm

20 µm H2O band ↓
15 µm CO2 band 

 ↓



初期火星の温室効果ガス (詳しくは次回)
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EA44CH15-Wordsworth ARI 10 June 2016 9:3

CIA:
collision-induced
absorption

by three-dimensional climate models that include cloud effects (Forget et al. 2013, Wordsworth
et al. 2013).

Although uncertainty remains, the infrared radiative effects of dense CO2-dominated atmo-
spheres are now fairly well understood. CO2 is opaque across important regions of the infrared
because of direct vibrational-rotational absorption, particularly due to the ν2 667 cm−1 (15 µm)
bending mode and associated overtone bands. In dense atmospheres, CO2, like most gases, also
absorbs effectively through collision-induced absorption (CIA). CIA is a collective effect that in-
volves the interaction of electromagnetic radiation with pairs (or larger numbers) of molecules.
For CO2, it occurs due to both induced dipole effects in the 0–250 cm−1 region (Gruszka &
Borysow 1997) and dimer effects between 1,200 and 1,500 cm−1 (Baranov et al. 2004) (see
Figure 4). Further complications arise from the fact that the sub-Lorentzian nature of absorption
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Figure 4
The greenhouse effect on early Mars. (a) Absorption cross sections per molecule of background gas versus wavenumber at 1 bar and
250 K, for various greenhouse gases in the early martian atmosphere, with the gas abundances given in the legend. Results were
produced using the open-source software kspectrum. (b) Outgoing longwave radiation (OLR) versus wavenumber from early Mars
calculated using a line-by-line calculation assuming surface pressure of 1 bar, surface temperature of 250 K, and a 167 K isothermal
stratosphere. Blackbody emission at 250 K and 167 K is indicated by the gray dashed lines. The blue line shows OLR for a pure CO2
atmosphere, and the red line shows OLR with all the additional greenhouse gases in the top plot included. Results were produced using
the HITRAN 2012 database, the Clough et al. (1992) approach to solving the infrared radiative transfer equation, and the CO2
collision-induced absorption parameterization from Wordsworth et al. (2010). Based on data from Gruszka & Borysow (1997) and
Baranov et al. (2004).
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吸収線
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光子の吸収・放射 = 電磁波と分子・原子の電磁気的相互作用 
分子・原子が電気/磁気双極子モーメントを持っていると生じる 
温室効果ガス：H2O (恒常的な電気双極子モーメント)，CO2 (振動に伴う電気双極子モーメント) 
非温室効果ガス：N2 (双極子モーメントなし)，O2 (磁気モーメントを持つが，電波の波長域に対応) 

吸収する波長のエネルギー = 分子・原子の状態間の遷移エネルギーに対応

++
-

-- +

遷移の種類 対応する波長域

電子 < 1 µm

振動 1-20 µm

回転 > 20 µm



吸収帯(バンド)
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CO2の15μm付近の吸収断面積 (HITRANデータベースを使用)

赤外域では振動・回転遷移が支配的 
振動遷移(波長間隔：広)に回転遷移(間隔：狭)が伴い，吸収帯を構成



吸収幅
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吸収線は遷移エネルギーに対応する光子振動数を中心に幅を持って存在する 
Natural broadening：分子のエネルギー状態の不確定性(ハイゼンベルクの不確定性原理)によるもの 
Doppler broadening：分子の並進運動が引き起こすドップラー効果によるもの 
Pressure (collisional) broadening：分子間衝突による余剰エネルギーによるもの 

下層大気では pressure broadening が支配的かつ，高圧になるほど線幅が広がる

CIA is important in reducing atmospheres of the
present and past. CIA results from H2–H2 and H2–He
collisions on the giant planets and H2–N2, N2–N2 and
N2–CH4 collisions on Titan (McKay et al., 1989).
H2–N2 and H2–CO2 collisions may have been important
in warming prebiotic Earth (Wordsworth and Pierrehum-
bert, 2013) and early Mars (Ramirez et al., 2014a), respect-
ively, as first suggested by Sagan (1977). CIA involving
H2 is particularly effective for greenhouse warming
because the moment of inertia of this molecule is very
small, causing its rotational energy levels to be widely
spaced (see eq. (2.129)). Consequently, at Earth-like tem-
peratures H2 absorbs across the thermal-IR spectrum.

Dense CO2 atmospheres are another case where CIA
is important. On Venus, CIA from CO2–CO2 enables
transitions that contribute significant infrared opacity to
the atmosphere (Moskalenko et al., 1979). Models of the
early Earth that use high partial pressures of CO2 to
offset a fainter Sun ~4 billion years ago must also con-
sider CIA (Kasting and Ackerman, 1986; Wordsworth
et al., 2010).

2.5.7 Line Shapes and Broadening
Broadening processes are essential effects in the radiative
transfer of planetary atmospheres. If there were not pro-
cesses in atmospheres that broadened the absorption lines,
there would be no greenhouse effect, the Earth would be
uninhabitable, and you would not be reading this book.
Absorption lines at precise frequencies are infinitesimal
delta functions but in order for energy to be absorbed
there must be absorption over a wavelength range. The
three line-broadening processes are as follows.
! Natural broadening: Heisenberg’s uncertainty
principle expressed in terms of energy (E) and time (t),
states that ΔE Δt " ħ/2 where ħ = h/2π. Excited states
have a natural lifetime τD with respect to decay or τC
between collisions, so that energy levels must be spread
out in energy by at least ΔE ~ (ħ /2τD) or (ħ/2τC). Using
ΔE = hΔν, this translates to a spread of frequency of Δν ~
1/4πτD or ~ 1/4πτC. However, apart from in the UV, this
broadening is miniscule compared to the other two pro-
cesses described below so we will not discuss it further.
! Doppler broadening: Gas molecules move randomly
relative to the source of radiation. Such motion produces
absorption and emission at frequencies that are Doppler-
shifted compared with the rest position of a spectral line.
! Pressure (or collisional) broadening: Collisions
between molecules provide or remove energy during
radiative transitions so that emission and absorption occur
over a broader wavelength range.

A useful generalization is that pressure broadening of IR
absorption prevails in tropospheres and lower strato-
spheres, whereas Doppler broadening dominates at higher
altitudes. However, the transition from pressure to Dop-
pler broadening occurs higher up for longer wavelength
lines because broadening is wavelength-dependent.

Doppler-broadened and pressure-broadened lines
have different shapes, as shown in Fig. 2.26. In the
pressure-broadened case, the profile is called a Lorentz
line shape. In general, we describe a line shape by

kν ¼ Sf ν$ ν0ð Þ (2.130)

where kν is the absorption coefficient, S is the line
strength, and f(ν – ν0) is the line shape factor (or function)
at frequency ν about a center frequency of the line, ν0. The
line shape is normalized to unit area, so that the line
strength is related to the absorption coefficient as follows:

S ¼
ð∞

0
kνdν

ð∞

0
f ν$ ν0ð Þdν ¼ 1 (2.131)

The absorption coefficient can be expressed in different
ways (Sec. 2.4.2.1), so that the units of S need to be
consistent with that choice. For example, if kν is the
volume absorption coefficient in units of cm–1 then S is
in cm–1 s–1 when working in frequency units (Hz), or S is
in cm–2 when working in wavenumber units (cm–1).

2.5.7.1 Doppler-Broadened Line Shape
The shape of Doppler-broadened lines comes from the
physics of the Doppler effect. When a source emitting
radiation moves toward an observer at a relative speed Vx,
which is the component of the velocity along the line of
sight to the observer, the frequency ν of a detected photon

Figure 2.26 Lorentz and Doppler line shapes for the same line
widths α and strengths.
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Doppler broadening  
の形状

Pressure broadening  
の形状

2.5.8 Continuum Absorption
In addition to spectral lines and bands, the continuum is
smoothly varying absorption over a broad range of wave-
lengths. In the infrared window of the Earth’s atmosphere
from 800 to 1200 cm–1 (12.5 to 8 μm), weak continuum
absorption is mainly due to water vapor (Shine et al.,
2012). However, the absorption coefficient is proportional
to the square of the water vapor density, which is unusual.
Two ideas are proposed for this continuum absorption.
The first is that the continuum comes from the distant
wings of very many lines in the far IR. The second idea is
that continuum absorption arises from clusters of
H2O molecules, including dimers (H2O!H2O), trimers,
and polymers.

In contrast, in the shortwave, continuum absorption
arises from well-known processes, including photoioniza-
tion, when photons are energetic enough to create ions,
and photodissociation when photons break or dissociate
molecules into atoms. Of course, photodissociation is
very important for atmospheric chemistry, as we describe
in Sec. 3.1.

2.5.9 Band Transmission and Weak and Strong
Absorption

Rather than deal with the varying depth of broadened
lines, it is sometimes convenient to have a fundamental

integrated measure of the extent to which a spectral line
can reduce radiation. Such a quantity is the equivalent
width, which is the width of a completely absorbed rect-
angle having the height of the continuum and the same
absorption area as the line (Fig. 2.28). In frequency units,
the equivalent width is defined as

W¼
ð

Δν

1#e#τνð Þdν¼
ð

Δν

1#T νð Þdν¼Δν 1#T band
" #

¼ΔνAband

(2.142)

where τν is the optical path at frequency ν (eq. (2.56)), T v

is the transmission, and Δν is the spectral interval. The
other quantities are the average band transmission and
band absorption over the spectral band, which are defined
as follows:

T band ¼
1
Δν

ð

Δν

T νdν Aband ¼ 1# T band (2.143)

If the mass absorption coefficient is km,ν, we define a mass
path ua as a function of absorber density, ρa, over an
arbitrary pathlength l, from point s1 to s2,

ua ¼
ðs2

s1

ρa sð Þds, ¼ ρal for constant ρa (2.144)

Then, the transmission is T v = exp(–km,νua). There are
two limiting cases that help us understand how increases
of certain gases will affect greenhouse warming in atmos-
pheres or how to use measured absorption in spectral lines
to derive gas abundances.

Figure 2.27 Although wavelength-dependent, in the thermal-
infrared pressure broadening generally dominates in tropo-
spheres, whereas Doppler broadening dominates above middle
stratospheres. This graph shows the broadening of CO2 infrared
lines and an O2 microwave line as a function of altitude on Earth.
(After a similar diagram by Elachi and van Zyl (2006), p. 453,
originally by J. Waters of JPL.)

W

Figure 2.28 Equivalent width, W, is the width of a fully absorbing
rectangle with the same area as the dip in the signal caused by the
absorption line.
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赤外吸収特性を持たないガスも惑星の気候に影響：Pressure broadening, 光の散乱 
初期地球を温暖に保っていた温室効果ガスとして，高いN2分圧も提案されている (次回)

Pressure broadening によるCO2吸収係数の変化

黒：1気圧 
赤：10気圧
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Figure 1 | Temperature change with increased nitrogen inventory from
RCM runs. a, Surface temperature as a function of pCO2. The vertical grey

lines are present pCO2 (solid) and 25 times present pCO2 (dashed).

Temperatures in the shaded area would lead to extreme glaciation (see the

Methods section). b, Temperature profiles with 10
�2

bar CO2 (� = p/p⇤)

and tropopause positions marked with crosses. The line styles (black lines)

represent multiples of present N2 inventory: dotted for 0.5, solid for 1,

dashed for 2 and dashed–dotted for 3.

radiative absorption depends on the mass of absorber in a layer,
so in the absence of pressure broadening the radiative fluxes for
0.5, 1, 2 and 3 times present pN2 would be identical. However,
the profiles of long-wave fluxes (Fig. 2b,d) show that increasing
pressure gives strong radiative forcing (for example, 12.2Wm�2

at the tropopause for doubling pN2, Fig. 2f), which will warm the
planet. In the short-wave (Fig. 2a,c), increased Rayleigh scattering
is dominant over increased absorption, giving a negative radiative
forcing (for example, �7.8Wm�2 at the tropopause for doubling
pN2, Fig. 2e), which partially counteracts warming.

A secondary process in warming the surface is a pressure
feedback on the lapse rate, defined as � = �dT/dz , where
T is temperature and z is altitude. We model this as the
moist adiabatic lapse rate, in good agreement with global
annual mean conditions9. Physically, convection occurs when
the environmental lapse rate is greater than the moist adiabatic
lapse rate. Convection decreases the environmental lapse rate
until it equals the moist adiabatic lapse rate. The lapse rate
of a pure radiative equilibrium atmosphere exceeds the moist
adiabatic lapse rate, so the convective flux depends on the difference
between these. The moist adiabatic lapse rate depends explicitly
on pressure (see the Methods section; Fig. 3a). Increased pressure
increases the moist adiabatic lapse rate, decreasing the amount
of convection. This warms the surface (by up to 2 �C when N2
is doubled (Fig. 3b)) and lower troposphere but cools the upper
troposphere (Fig. 1b). There is also a surface temperature/lapse
rate negative feedback; the moist adiabatic lapse rate decreases
as temperature increases so there is more convection as surface
temperature increases.

Generally, the positive water vapour feedback strongly affects
temperature (water vapour is a potent greenhouse gas and the
saturation vapour pressure, hence the mass of water vapour
in the atmosphere, increases exponentially with temperature).
Saturation vapour pressure is independent of atmospheric pressure,
so changing nitrogen has no direct effect on this. However, water
vapour feedback is induced indirectly through temperature changes
arising from the radiative and dynamic forcings discussed above.

A new global nitrogen budget
Evidently, higher pN2 can help resolve the faint young Sun paradox,
but the following three questions are raised. (1) Where is the
nitrogen now? (2) How did it get from the atmosphere to its present
location? (3)When did this transfer take place?

There are three large and accessible nitrogen reservoirs on Earth:
the atmosphere, crustal rocks and mantle. The PAN inventory is
4.0⇥1018 kgN (see the Methods section). The ocean and biosphere
contain, respectively, two and three orders of magnitude less
nitrogen than the atmosphere10. Quantifying geological nitrogen
reservoirs is difficult owing to low concentrations, difficulties with
atmospheric contamination and inaccessibility. In rock, nitrogen is
generally present as NH4

+ substituted for K+ (refs 11, 12). Table 1
summarizes the planetary nitrogen budget developed here.

Nitrogen in crustal rocks
The classic and widely adopted estimates13,14 use mass and ni-
trogen content of various rock types. More recent data allow us
to revise these estimates. For the continental sediments, which
have mass15 2⇥ 1021 kg and proportions16 40% shales (including
clays and mudstones, 800 ppmN; refs 17, 12, 18, 19), 0% sand-
stones (200 ppmN; refs 12, 18) and 20% carbonates (100 ppmN;
refs 12, 17), the total sedimentary nitrogen is 8.4⇥ 1017 kgN. For
the remainder of the crust, which has mass20 1.9⇥ 1022 kg and
proportions14,21 15%metasediments (250 ppmN,weighted towards
mid and high grade)11,22–24, 85% igneous and metamorphosed
igneous rock (35 ppmN)19, the total nitrogen is 1.3⇥1018 kgN. The
total continental crust reservoir is then 2.1⇥1018 kgN.

Alternative estimates of sedimentary and metasedimentary
reservoirs can be made with elemental ratios. N and K2O concen-
trations in sediments are correlated22, with N/K2O = 2.1⇥ 10�2.
2.0 wt% K2O in sediments22 gives 420 ppmN; with sedimentary
mass15 2⇥1021 kg, this gives a total of 8.4⇥1017 kgN. Using C/N,
Holland10 takes a crustal reduced carbon mass of 2⇥1019 kg C and
a C/N weight ratio of 10, giving 2⇥1018 kgN. The C/N ratio of 10
is appropriate for recent oceanic sediments17, but a C/N ratio of
20 is more appropriate for sedimentary rock and metasediments23,
which would give 1⇥1018 kgN.

Ocean crust is a smaller reservoir than continental crust.
Sedimentary mass15 is 7.4 ⇥ 1020 kg with nitrogen content22
420 ppmN, giving 3.1⇥1017 kgN. The basement consists of 0.5 km
altered basalt (9 ppmN) and 6.5 km unaltered basalt (1.5 ppmN)
(ref. 25), total 1.2⇥1016 kgN.

The main crustal reservoir is continental, and this contains
⇠0.5 PAN. Continental volume is usually thought to have increased
from less than 10% of the present volume in the early Archaean
to over 90% by the late Proterozoic26. The continental nitrogen
inventory probably grew with continental volume. Nitrogen se-
questration begins with biological nitrogen fixation and incorpo-
ration of nitrogen-rich organic matter into sediments. Although
some nitrogen is lost during diagenesis, sedimentary rocks retain
significant quantities12,17–19. Shelf sediments incorporate directly
into continents. Deep-sea sediments can attach to continents as
accretionary prisms. Nitrogen subducted in deep-sea sediments or
in altered ocean crust (AOC) can be incorporated in igneous rocks
in arc settings.

Nitrogen in the mantle
The large mass of the mantle (4.1⇥ 1024 kg) means that 1 PAN
could be sequestered there at 1 ppm concentration. Nitrogen and
argon measured in bubbles in mid-ocean-ridge basalt (MORB)
and ocean island basalt (OIB) shows that N2 correlates strongly
with radiogenic 40Ar but not primordial 36Ar: N2/

40Ar ⇠ 80 over
several orders of magnitude in concentration, whereas N2/

36Ar
varies by orders of magnitude27,28. 40Ar is a daughter product
of 40K, so the correlation with N arises from substitution of
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3.2 大気化学



光解離が駆動する非平衡化学

20

中心星放射による光解離がつくり出すラジカルが大気の非平衡化学を駆動 
最外殻に不対電子を持つ分子種：OH，Cl，O など 

代表的なラジカル OH の生成パス 
地球：O3 +  → O2 + O( )  ̶ (1)，H2O + O( ) → OH + OH  ̶ (2) 
火星：H2O +  → OH + O  ̶ (3) 

光子から得たラジカルの自由エネルギーは化学反応によって伝播 
例) CH4 + OH → CH3 + H2O ̶ (4) 

最終的に不均化反応か三体反応による再結合で熱化 
例) OH + HO2 → H2O +O2  ̶ (5)，NO2 + OH + M → HNO3 + M  ̶ (6)

hν (λ < 310 nm) 1D 1D
hν (λ < 240 nm)



OH: “Detergent of the atmosphere”
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生物・非生物由来の微量ガスは OH によって酸化され取り除かれている 
CO → CO2 (~3ヶ月) 
炭化水素 CxHy → CO2 (e.g., CH4 ~10年) 
窒素酸化物 NxOy → 硝酸 
硫黄化合物 SO2，H2S, COS (微生物由来), DMS (CH3SCH3，プランクトン由来) → 硫酸エアロゾル 

水のない惑星では OHによる酸化 (+ 降雨への溶存) が機能せず，全く異なる大気組成に！ 
例) 系外惑星大気におけるSO2ガスの検出 → 液体の水がない証拠 (Luftus et al. 2019 Astrophys. J.)



オゾン層の形成

22

チャップマン機構 
O3の生成 
O2 +  → O( ) + O( )  ̶ (1) 
O2 + O + M → O3 + M  ̶ (2) 

O3の破壊 
O3 +  → O2 + O( )  ̶ (3) 
O3 + O → 2O2 ̶ (6)

hν (λ < 242 nm) 3P 3P

hν 3P O3 +  → O2 + O( )  ̶ (4) 
O( ) + M → O( ) ̶ (5)

hν (λ < 310 nm) 1D
1D 3P

Image credit: 気象庁



CO2大気の安定性
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CO2 は  の紫外線で光解離：  ̶ (1) 

逆反応  ̶ (2) は遅い (スピン禁制反応) 
→ CO2大気は不安定. CO + O2 大気となるはず ↔ CO2大気の地球型惑星

< 200 nm CO2 + hν → CO + O

CO + O + M → CO2 + M

なぜCO2大気は安定に存在できる？(金星, 火星, 初期地球…)

CO2: 95% 
CO: 700 ppm

CO2: 97% 
CO: ~10 ppm

CO2: 400 ppm 
CO: 120 ppb



H2O(OH)によるCO2大気の安定化
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H2Oは の紫外線によって解離：  ̶ (3) 

このOHラジカルがCOを酸化する：  ̶ (4) 

余剰のHは例えば以下の反応でリサイクルされる (もしくは大気散逸で失われる) 
 ̶ (5)，  ̶ (6) 

(4), (5), (6) を足し上げるとネット反応は  ̶ (7)．※金星では Cl が触媒

< 240 nm H2O + hν → OH + H

CO + OH → CO2 + H

H + O2 → HO2 + M O + HO2 → O2 + OH
CO + O → CO2

The Astrophysical Journal, 792:90 (15pp), 2014 September 10 Domagal-Goldman et al.
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Figure 1. (a) UV stellar energy distributions for σ Boötis (F2V), the Sun (G2V),
ε Eridani (K2V), AD Leonis (M3.5V), and GJ 876 (M4V) for a planet receiving
the integrated energy Earth receives from the Sun (1360 W m−2), with a slight
correction applied to account for how the albedo of a planet will change around
different star types (after Segura et al. 2005). (b) Absorption cross sections for
CO2, O2, and O3, corresponding to Reactions (R1), (R2), and (R4), respectively.
The two panels are on the same scale, allowing estimates of the relative rates of
these photolysis reactions expected around the stars studied here.
(A color version of this figure is available in the online journal.)

of Earth and early Mars (Sagan & Mullen 1972). O atoms can
be liberated from CO2 via photolysis:

CO2 + hν(λ < 175 nm) → CO + O. (R1)

Atomic O thus created through Reaction (R1) or photolysis
of other O-bearing gases may recombine to form O2, and
eventually O3. The distribution of those O atoms between O2
and O3 is critical to the concentration of either species and
is controlled by four reactions that are very well known from
research on Earth’s O3 layer. This set of reactions is collectively
known as the Chapman mechanism:

O2 + hν(λ < 240 nm) → O + O, (R2)

O + O2 + M → O3 + M, (R3)

O3 + hν(λ < 340 nm) → O2 + O, (R4)

O + O3 → O2 + O2. (R5)

Here hν represents photons of the indicated wavelength (ν =
c/λ, c = speed of light), and the “M” in Reaction (R3) is a
third molecule that only participates in the reaction to carry off
excess energy but is not consumed in the reaction. Because
reactions (R1), (R2), and (R4) require photons of different
energy levels (see also Figure 1), both the abundance and
distribution of O atoms between O, O2, and O3 is subject to
the wavelength-dependent stellar flux of the planetary host star.

O3 concentrations should be particularly dependent on the
wavelength distribution of the ultraviolet (UV) photons emitted
by the host star (Figure 1). Far-UV (FUV, λ < 200 nm) photons
drive CO2 and O2 photolysis and subsequent O production (R1)

and therefore O3 production (R2). By contrast, ozone destruc-
tion (R4) is primarily driven by mid-UV (MUV, 200 nm < λ <
300 nm) photons and can additionally be driven by near-UV
(NUV, 300 nm < λ < 440 nm) and visible (∼440–800 nm)
photons (Sander et al. 2006). Because the sources and sinks
of ozone drive the amount of O3 in an atmosphere, both FUV
(O3 production) and MUV–NUV-visible radiation (O3 destruc-
tion) will have a significant impact on O3 concentrations. FUV
photons are primarily produced by processes that correlate
with stellar activity (Pace & Pasquini 2004), and MUV–NUV-
visible photons are primarily generated from a star’s blackbody
radiation.

By definition, planets that are in the habitable zones of cooler
stars absorb similar total amounts of energy as planets in the
habitable zones of Sun-like stars (Kopparapu et al. 2013), but the
wavelength distribution of that energy will be different. Cooler-
type stars such as main-sequence M stars (M dwarfs) produce
relatively less NUV radiation than the Sun but can produce
comparable amounts of, or in some cases more, FUV radiation
(Walkowicz et al. 2008; France et al. 2012, 2013). Hotter-type
stars such as main-sequence F stars have more radiation across
the UV than the Sun, but this increase is more prevalent in the
FUV. As a result, the FUV contributions to the stellar energy
distributions of both M- and F-type stars can be much higher that
that of the Sun, and planets in the habitable zones of these stars
can accumulate greater amounts of atmospheric O2 and O3. This
has been demonstrated for biologically mediated, oxygenated
atmospheres similar to modern Earth (Selsis et al. 2002; Segura
et al. 2003, 2005, 2010; Rugheimer et al. 2013). However, the
most likely atmospheric composition for rocky habitable planets
is CO2, H2, and N2 (e.g., Zahnle et al. 2010; Seager & Deming
2010). Selsis et al. (2002) were the first to study the potential
for O2 and O3 to accumulate on planets devoid of life, but their
work did not properly account for sinks of these gases (Segura
et al. 2003). Tian et al. (2014) found a similar result using
the spectrum of the M dwarf GJ 876. Neither of those studies
systematically studied the effects of atmospheric composition
on the accumulation of detectable O2 and O3 or included hotter-
type stars in the study. The lack of this parameter coverage
limited the ability of these prior studies to discriminate between
false and true positives for life.

Considering a wide range of possible planetary atmospheric
compositions is critical, because sinks for O2 and O3 are
primarily controlled by the chemical context of the atmosphere
and oceans. In anoxic atmospheres, the greatest sinks for O2
and O3 are reactions with reduced radicals in the atmosphere,
such as

CH3 + O2 → H2CO + OH. (R6)

As the concentration of reduced species such as CH4 in-
creases in the atmosphere, so do the concentrations of radicals
such as CH3, and these should react with O2 and O3, keeping
their concentrations low. It is therefore very difficult to maintain
high levels of O2, O3, and CH4 (or other reduced gases) in the
atmosphere simultaneously. Major abiotic sources of reduced
species include volcanic outgassing of H2 and submarine pro-
duction of CH4, and their sinks are primarily determined by the
redox state of the oceans. These are ultimately controlled by
the redox state of the atmosphere and by the redox state of the
oceans. Including the effects of the redox state of the oceans
becomes critical for such simulations, and we developed a new
methodology to ensure redox balance of the atmosphere–ocean
system.

2

Domagal-Goldman et al. (2014) Astrophys. J.

CO2解離
H2O解離



寒冷な初期火星ではCO2大気が不安定？
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especially attractive because its high solubility in water
makes its uptake by surface microfilms of water relatively
probable; it is certainly stickier and vastly more soluble
than O2. On the other hand, O2 is much more abundant.
Huguenin [1973, 1976] suggested that photostimulated
oxidation rates using O2 exceed 108 cm!2 s!1, comparable
in order of magnitude to H escape.
[52] We implement the O2 sink as a deposition velocity.

This is not obviously a good proxy for what Huguenin
suggested is happening, but it is our best choice at present.
Huguenin [1973, 1976] showed that UV photostimulated
oxidation of magnetite by O2 gas in the presence of trace
amounts of water can occur quickly. The difficulty in
relating reactions that take place over tens of minutes on
clean magnetite in the lab, to reactions that take place over
tens of thousands of years in dirt on Mars, suggests that it
would be unwise to apply Huguenin’s rate constants as
given. The model is tuned by adjusting vdep to give a good
overall fit to O2, CO, and H2. The best fit to the current
Martian atmosphere uses vdep(O2) = 4 " 10!7 cm s!1. The
computed abundances in the tuned model are essentially
identical to what we compute using H2O2 as the chief
oxidant. This can be seen in Figure 10 at pCO2 = 6.3 mbar.
But when the O2 boundary condition is applied to models
with more CO2, the decreasing O2 provides a strong
stabilizing feedback that reduces H escape and limits the
growth of CO. The relative stability of these atmosphere at
high pCO2 is illustrated in Figure 10.
[53] We can also consider O escape. Models of this sort

are quite likely to be relevant to early Mars because O
escape rates are expected to have been very high [Lammer

et al., 2003]. There is no stabilizing feedback between pCO2

and O escape while CO2 is the major atmospheric constit-
uent, and consequently these atmospheres are less photo-
chemically stable than our nominal model. Results of
running the model in O escape mode are also illustrated
in Figure 10. Regardless of the surface sink, O escape to
space suggests that cold thick CO2 atmospheres would not
have been photochemically stable on early Mars.

6. Photochemical Stability of CO2 Atmospheres

[54] The possible photochemical instability of CO2

atmospheres is not a new topic. It was widely discussed
early in the space age, both for Mars and Venus [McElroy
and Hunten, 1970; McElroy, 1972; McElroy and Donahue,
1972]. The matter was seen to be puzzling because CO2 is
readily photodissociated, and the direct three-body recom-
bination, CO + O + M ! CO2+ M, is spin-forbidden and
therefore extremely slow at atmospheric temperatures. The
solution for Mars is that photolysis of water vapor produces
OH radicals that react readily with CO to make CO2; in
effect water vapor photolysis catalyses the recombination of
CO2 [McElroy and Donahue, 1972]. Figures 7, 8, and 10
raise the question of the stability of CO2 once again.
[55] Figure 11 maps out the range of photochemically

stable CO2 atmospheres in our nominal models, in which
soil oxidation is by H2O2 and O3 at a fixed deposition
velocity of 0.02 cm s!1. These models scale the eddy
diffusion coefficient inversely with the square root of
atmospheric density, and impose temperature structures
featuring a 1.4 K km!1 temperature gradient extending

Figure 10. How different boundary conditions on oxygen
change the way the atmosphere responds to changing pCO2.
The surface temperature and atmospheric water vapor are
appropriate for Mars today. The bold curves refer to the
nominal model in which soil is oxidized by H2O2 and O3.
These models become unstable at pCO2 # 100 mbar. The
open symbols denote models in which the atmospheric
redox budget is balanced by O escape to space. These
become unstable at pCO2 # 50 mbar. The filled symbols
denote models in which soil is oxidized by O2, in proportion
to the amount of O2 in the atmosphere. In these models,
CO2 remains stable for pCO2 < 500 mbar. There is little
difference between models generated by the three different
types of boundary conditions where pCO2 < 50 mbar.

Figure 11. The photochemical stability of CO2. CO2 is
photochemically stable against conversion to CO below and
to the right of the thick gray line (modern UVand negligible
oxygen escape), or below and to the right of the blue
diamonds (enhanced UV and high levels of O escape,
conditions suitable to 4 Ga). The two dashed curves relate
surface temperature to pCO2 according to Kasting’s [1991]
greenhouse warming models for early (faint Sun, 0.75L$)
and current Mars. It is notable that thick, cold (i.e., dry) CO2

atmospheres would not have been photochemically stable
on early Mars.
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寒冷な惑星  
→ 大気中のH2O量少 (∵飽和蒸気圧低) 
→ OHによるCO2再生成が進まない 
→ CO2大気が光分解されてしまう 

初期火星はCO(+O2)大気？

Zahnle et al. (2008) J. Geophys. Res.

大気圧・地表温度に対する火星CO2大気の安定性マップ

CO2 不安定

CO2 安定 

現在の太陽光度を仮定した 
CO2分圧と地表温度の関係

40億年前の太陽光度を 
仮定した場合
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大気構造 
大気の圧力・密度構造：静水圧平衡によって，スケールハイトごとに指数関数で減少 
大気の熱輸送メカニズム：地表からの熱伝導，大気中の対流・放射 
温室効果の仕組み：大気の窓，吸収線・吸収帯，吸収幅 → 複数のガスの効果は非線形 

大気化学 
紫外線による光解離，ラジカル(OHなど)が駆動する非平衡化学 
CO2大気の安定性： 
H2O(OH)が触媒的に機能してCOとOを再結合 
寒冷な惑星(大気H2O少ない)ではCO+O2に？



レポート課題
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1.地球と金星の大気圧からそれぞれの惑星の大気質量を計算せよ．それぞれ
の惑星の大気圧 , , 重力加速度 , , 

惑星半径 ,  を用いてもよい． 

2.地球の地殻中には  の炭酸塩岩が含まれていると見積もられて
いる．この炭酸塩は原始地球において大気中の二酸化炭素 CO2 が固定され
たものである．炭酸塩岩をすべて炭酸カルシウム CaCO3 であると近似する
時，原始地球の大気圧を見積もれ．

1.0 × 105 Pa 9.2 × 106 Pa 9.8 m s−2 8.9 m s−2

6.4 × 106 m 6.1 × 106 m

3.6 × 1020 kg
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